Abstract
Introduction
The format of the paper is as follows: Section 2 describes the configuration of the numerical 23 model used in the twin experiment. A description of the eddy statistics and energetics, stratifica-24 tion, and overturning circulation of the CP configuration is given in section 3. In section 4, we 25 describe the WP experiment with particular attention to its differences from the CP experiment.
26
The heat flux in both experiments are discussed in section 5 and conclusions are given in section 27 6. This choice of domain size (narrow and shallow compared to a typical oceanic basin) was dictated 8 by computational constraints. Experiments with a non-eddy-resolving model, in which the effects 9 of eddies are parameterized, have shown that increasing the domain size does not greatly alter the 10 qualitative features of the circulation.
11
The momentum and thermodynamic equations are discretized on a fine Cartesian horizontal 
18
The momentum equations are forced by a specified surface wind stress, shown in figure 2,
19
which is an idealized and symmetrized representation of the wind stress over the Atlantic Ocean surface temperature distribution T surf in the top grid point with a relaxation time scale of 11 days.
12
The two surface temperature distributions used in this study are shown in figure 2. The 'warm 13 pole' (WP) distribution has a northern temperature which is warmer than any temperature found 14 in the channel, while the 'cold pole' (CP) distribution has a northern temperature which is in the 15 range of the temperatures found in the channel.
16
The spatial and temporal resolution of the model are both sufficiently fine that a convective 17 adjustment scheme is not necessary to maintain numerical stability. Instead, static instabilities 18 adjust naturally via hydrostatic convection, which results in the appropriate homogenization of the 19 tracer fields as compared to non-hydrostatic convection (Marshall et al. 1998 non-hydrostatic convection expected from linear Rayleigh theory for the parameters used here.
23
Thus, for the present case, hydrostatic convection is expected to give results comparable to non-24 hydrostatic convection at a fraction of the computational cost and avoids the spurious internal 25 sources of energy introduced by the more traditional convective adjustment schemes.
26
The CP experiment was started from rest and integrated with a time step of 500 s for 118 years.
27
The WP experiment was then initialized using output from the CP configuration and both models 1 were run for an additional 320 years. At this point near-statistical equilibrium had been achieved 2 and four-year running averages of the dynamical variables showed little variation except for a slow 3 (< 0.3 milliKelvin per year) temperature drift in the bottom 250 m. 
Cold Pole Experiment

5
We will first give an overview of the circulation in the 'cold pole' (CP) experiment since it bears 6 the greatest similarity to the circulation of the present Atlantic Ocean. Detailed discussion of the 7 differences between the 'warm pole' (WP) and CP experiments will be given in the next section.
8
Unless otherwise noted, all quantities discussed in this section are averages over the last 13 years 9 of the simulation; different averaging periods do not lead to significant changes in the results. The western boundary currents (WBCs) and their zonal extensions are associated with vigor-14 ous eddy activity, as seen in figure 3 by the vertically averaged eddy kinetic energy density (where
15
'eddy' is defined as a deviation from the temporal mean). These eddies are generated by instabil-
16
ities of the western boundary current and thus have their greatest activity in the depths spanned
17
by the boundary currents-approximately the upper 500 m of the water column (Fig 4a) . Eddy-
18
eddy interactions feed energy into the barotropic mode, resulting in a strong EKE signal which
19
penetrates to the ocean bottom. Mesoscale eddies thus represent a mechanism by which energy 20 originating near the surface may be transfered to the abyss.
21
[ Figure 4 about here.]
22
Eddy activity is also significant in the topics, at the interface between the channel and the 1 southern subpolar gyre, and on the eastern halves of the subpolar gyres. Most of the eddies in the 2 northern subpolar gyre are shed from strong, narrow eastern boundary currents similar to those de-3 scribed by Spall (2003) , Pedlosky (2003), and Pedlosky and Spall (2005) , although with significant 4 differences which will be explored in a forthcoming paper.
5
An additional source of eddy activity is trapped near the western boundary at about 1000 m 6 depth and stretches from 1500 km north to 1500 km south of the equator. This is a signature of 7 the unstable deep western boundary currents (DWBC) associated with the northern and southern 8 overturning cells. ii. Energetics 10 Eddy kinetic energy is dissipated by bottom drag and internal viscosity. Since the eddies are not 11 directly forced by the wind (which is stationary and has large scales), they must extract energy 12 from the mean flow to maintain themselves against dissipation. Eddies can interact with the mean 13 flow either through conversion C of potential energy (PE) into eddy kinetic energy (KE)
where α is the thermal expansivity of seawater, or through direct conversion of mean KE into EKE 15 through Reynolds stresses
where
are a matrix of horizontal Reynolds stresses and a vector of vertical Reynolds stresses, respectively.
1
The conversion terms C and R H are associated with baroclinic and barotropic instability processes, 2 respectively (Pedlosky 1987, §7.3). The vertical Reynolds stresses R V may be associated with 3 either baroclinic instability or vertical shear instability. In the present case, R V is least an order of 4 magnitude smaller than either C or R H and will henceforth be neglected.
5
[ Figure 5 about here.]
6
Conversion C of PE into EKE accounts roughly two thirds of the energy put into the eddy field 7 (Fig. 5a ). C is largest near the northern boundary of the channel-especially near the eastern and 8 western boundaries-where the isotherms are steepest. The unstable currents found in the eastern 9 subpolar gyres (discussed in the previous section) are also associated with very thin, but strong, where barotropic instability is important for energizing the eddy field are near the northwest corner 20 of the channel, the tropics, and-to a lesser extent-the subpolar boundary currents. In total,
21
Reynolds stresses account for approximately a third of the energy put into the eddy field.
22
Reynolds stresses are usually considered to be a negligible source of eddy kinetic energy be-23 cause, it is argued, the scales of the mean flow are so much larger than the scales of the eddies 24 as to make direct interaction inefficient (Gill et al. 1974) . In the present case, however, the mean 25 circulation contains fine scales, particularly in the western boundary currents and their extensions,
26
and the assumption of a spatial spectral gap between the mean and eddy fields does not hold. We 27 expect this to be the general case in eddy-resolving ocean simulations. 
13
In the present experiments, the channel topography is missing, but mesoscale eddies allow 14 meridional transport of heat across the channel. The expression of the surface temperature gradient 15 across the channel is no longer forced into a narrow strip at the level of the topography and we may 16 expect the abyssal stratification to become a continuous mapping of subpolar surface temperatures.
17
The coldest water in the domain is trapped in the channel latitudes (Fig. 4) as with Vallis (2000) 18 in the case with no channel topography; however, most of the surface temperature gradient is 19 expressed as vertical stratification on the northern boundary of the channel. Thus, the abyssal 20 stratification appears to be a continuous mapping of the surface gradient across the subpolar gyres.
21
The deep water (with 1
• C) appears to spread zonally and meridionally across the entire basin above the bottom water, but is only associated with a distinct thermostad in the 23 northwest corner of the domain (Fig. 4) . In the absence of a second tracer (such as salinity), it is The overturning circulation is diagnosed through the time and isopycnally averaged meridional
as defined by Nurser and Lee (2004) , where T = T (x, y, z, t), (·) is the time average, and (·) the 7 deviation therefrom. We refer to ψ as the 'residual overturning streamfunction' in analogy to a 
which are easier to interpret visually than temperature coordinates. Eq. (6) may be formally in-1 verted to yieldT (y,ẑ), which, at fixed y, gives the temperatureT of the isotherm which has the The residual streamfunction shows the classic three-cell structure of the laminar theory ( Fig depth of the mid-depth cell is set by the depth of the sill in the channel and is thus an externally 11 controlled parameter. In the present case, the depth of the mid-depth cell is determined internally.
12
Approximately half of the mid-depth transport recirculates within the region of Ekman suction
13
(y > 2800 km) while the rest upwells in the subtropics and tropics; about 2 Sv flows across the 14 equator to upwell in the southern hemisphere.
15
The diapycnal flows shown in figure 6 are easy to misinterpret as true vertical flows, but there 16 can be a significant discrepancy between the two in the presence of strong zonal isopycnal slopes.
17
For example, the mid-depth cell appears to downwell through 1000 m near the northern wall as While it is straightforward to show that the vertically averaged residual circulation of an ocean 27 subject to steady forcing must be thermally direct (Cessi et al. 2006) , in the present case the residual 1 circulation is thermally direct nearly everywhere (with exceptions: for example, the near-surface 2 residual circulation at y = 3000 km is thermally indirect). In contrast, the mean circulation con- eddies which, in turn, drive near-surface, thermally direct cells in both hemispheres (Fig. 6c ).
18
The eddy-induced overturning is generally thermally direct, except in the tropics and near the sion is more rapid and the instability mechanism becomes primarily baroclinic below 1000 depth.
25
In contrast, the equatorial instabilities are shear-driven to the ocean bottom. As a consequence, the 26 eddy overturning in the WBC extensions becomes thermally direct at depth, but remains thermally 27 indirect throughout the tropics. 1995, 1998). However, the present case is sufficiently diffusive that the mid-depth overturning cell 7 upwells in the subtropics and does not extend all the way to the channel (Fig. 6a) . Thus, there does 8 not appear to be an advective connection between the mid-depth cell and the channel in the zonal 9 mean. However, the zonal mean may mask a more complex three dimensional circulation and an 10 advective connection between the deep water and the channel cannot be ruled out; however, this 11 connection is likely to be weak since it does not appear in the zonal mean. (Fig. 7a) . The most significant warming is found in the northern 17 subpolar gyre, which is directly exposed to the warmer surface temperatures; however, the warming The removal of the deep water mass allows the isotherms above and below it to expand into 22 the region it originally occupied. This allows bottom water to extend further north, resulting in 23 water near the northern boundary which is actually colder in the WP case than in the CP case,
24
even though the surface temperatures in the former case are everywhere warmer than or equal 25 to the temperatures in the latter case. Additionally, the expansion of these isotherms results in geopotential φ , and temperature T are
Using the vertical momentum equation to eliminate φ and integrating zonally gives
where φ B is geopotential at the bottom and ∆(·) gives the difference of (·) between the eastern and 3 western boundaries. ∆φ B can be determined by noting that the vertical integral of the LHS must 4 be zero since there can be no net meridional transport of fluid. Eliminating ∆φ B gives
or, equivalently,
when the definition
is used. The change in the streamfunction estimated from (11) matches that calculated from the 8 model quite well (Fig. 9) , indicating that the changes in the overturning streamfunction are largely 9 in thermal wind balance with the changes in the temperature field.
[ which tries to overturn the isotherms, and the eddies, which try to flatten the isotherms. A complete 1 theory should predict the isothermal slopes in the channel; here we will take them as given. Since 2 the wind and thermal forcing over the channel is the same in both the CP and WP cases, the 3 isothermal slopes in the channel are nearly the same. As a first approximation, suppose that the 4 depth of the isotherms in the enclosed part of the basin is fixed by the depth they achieve on the 5 northern edge of the channel, except where they must outcrop (to prevent static instabilities) and 6 where they encounter the wind-driven subtropical circulation (which deforms them downward).
7
In the CP case, the deep water (with 1 • C ≤ T ≤ 2 • C) is exposed to the surface in the 8 northern subpolar region. This means that the 2 and 3
• C isotherms must outcrop before reaching 9 the northern wall. This forces them up toward the base of the main thermocline, which increases 10 the stratification there, which, in turn, leads to stronger diathermal upwelling through the base of 11 the main thermocline (Fig. 11a) . The primary source for this upwelling is the water below the 2
12
• C isotherm; that is, the deep water. Thus, the fact that the 2 and 3
• C outcrop leads to a strong 13 mid-depth overturning cell.
14
In the WP case, neither the 2 and 3 • C isotherms must outcrop, so they maintain the depth set 15 when they exited the channel, except where deformed downward by the wind-driven circulation
16
( Fig. 11b) . Thus, the stratification at the base of the main thermocline is weaker-especially in the 17 north-and there is a commensurate decrease in the deep water upwelling rate and the strength of 18 the deep cell. However, while the stratification at the base of the main thermocline is reduced, the 19 stratification at mid-depth is increased. This increases the upwelling through 1 and 2 • C isotherms,
20
but now the only source of water for this upwelling is the south, which increases the strength of 21 the deep cell.
22
Note that, in the above mechanism, the primary role of the channel is to set the scale depth and returns to the southern hemisphere at mid-depth. Again, the effect of the eddies is to oppose 25 the poleward mean heat flux in the tropics and WBC extensions and the equatorward mean heat 1 flux in the channel.
2
As with the overturning circulation, most of the difference between the two cases is captured 3 by changes in the mean heat flux (Fig. 12) . The eddy heat fluxes in the subtropics are largely 4 controlled by the baroclinicity of the western boundary currents, which is determined primarily by 5 the wind over the subtropical gyres, while the eddy heat flux in the tropics in controlled by the 6 local surface forcing. Since neither wind or tropical surface forcing is changed between the two 7 cases, the tropical and subtropical eddy heat fluxes are nearly identical in the two cases aside from 8 a slight shift in the location of the northern extremum of the eddy heat transport associated with a 9 similar shift in the location of the WBC extension.
10
The eddy heat fluxes in the subpolar regions respond more strongly to the change in thermal 
where H = ρc p T is the specific heat content of the fluid and · represents the horizontal integral 
M and E represent the vertical heat flux due to mean and eddy advection, respectively, and D rep- There appears to be no practical way to separate the two components. Indeed, this separation may 7 not even be meaningful in general since upright convection quickly gives way to slantwise convec-8 tion (i.e., baroclinic instability) in the presence of lateral buoyancy gradients (Marshall et al. 1998) . In the global integral, both diffusion and the mean flow act to transport heat downward which 15 acts to destratify the water column (Fig. 13a) . The ocean is restratified by the eddy flow, which 16 transports heat upwards. Since the mean heat flux is downward at nearly every level, the mean 17 flow is a source of available potential energy; that is, the mean flow is thermally indirect.
18
For the surface temperature field in the present study, the thermal sense of the mean flow is ing; the tropics are also included for simplicity), and the northern subpolar (NSP) region (Ekman 4 suction). As expected, the mean flow is thermally indirect in the SSP region (Fig. 13b) and near 5 the surface in the NSP region (Fig. 13d) and thermally direct in the subtropics (Fig. 13c) . The 6 mean advective heat flux divergence in the subpolar regions is sufficiently negative to completely 7 overwhelm the positive mean advective heat flux divergence in subtropics, so that the globally 8 integrated mean advective heat flux is downward.
9
The eddy heat flux divergence in the SSP region largely cancels the mean advective heat flux 10 divergence, leaving diffusion as a small residual (Fig. 13b ). The NSP region shows a balance 11 similar to the SSP region in the upper 500 m, though diffusion plays a larger role (Fig. 13d ).
12
The mean advective heat flux divergence is positive at all depths in the subtropics and is primar-
13
ily opposed by diffusion except near the surface where eddy fluxes are important (Fig. 13c) . The be over-or underestimated depending the extent that E cancels or augments, respectively, the sum
The response to the northern hemisphere warming in the WP case is concentrated in the sub-8 polar regions, where both the mean advective and eddy heat flux divergence decrease in the north-9 ern hemisphere (Fig. 13h) and increase in the southern hemisphere by roughly a factor of two 10 (Fig. 13f) . In the NSP region this can be explained by a decrease in baroclinicity due to the de- may be due to decreased convection in the north (due to warmer surface forcing) and increased 16 convection in the south (due to warmer water temperatures).
17
As discussed in section 4, the WP case has a less stratified main thermocline and more stratified 18 mid-depth in the subtropics than the CP case. This change in stratification is reflected in the change 19 in the subtropical diffusive flux (Fig. 13g) , which is weaker at thermocline depths and stronger at Specifically, we find that if the north pole temperature is sufficiently warm, the formation of 10 northern deep water is suppressed and the mid-depth cell is small and weak while the deep cell is 11 large and vigorous. In contrast, if the north pole temperature is in the range of the southern channel 12 temperatures, the mid-depth cell is large and strong while the deep cell has a reduced amplitude.
13
While this appears to verify a critical prediction of the laminar theory, the manner in which these 14 changes occur is quite different. In the laminar theory, the formation of northern deep water is were parameterized.
24
In the laminar theory, the formation of realistic deep stratification depends on both the existence 25 of a sill in the channel and the ability of the northern deep water to 'split' the abyssal thermocline,
26
which broadens what would be a very narrow vertical region of stratification. In the present case, 1 there is no channel topography and the abyss is well stratified even in the 'warm pole' case. In 2 fact, having the north pole temperature in the range of the southern channel temperatures leads to 3 weaker deep stratification.
4
Eddies where found to be qualitatively important in maintaining the circulation in both the CP 5 and WP cases because they allow cross channel heat transport and balance the globally thermally 6 indirect mean circulation. However, most of the difference between the overturning circulations in 7 the CP and WP cases could be explained by changes in the mean overturning circulation which is 8 largely in thermal wind balance with changes in the temperature field.
9
Examination of the eddy kinetic energy budget finds that Reynolds stresses are responsible for 10 almost a third of the energy input into the eddy field. This is a significant result because the direct 11 coupling between the mean and eddy flows is normally considered negligible.
12
In most regions, meridional and vertical eddy heat fluxes oppose the mean heat flux. In the Much work remains to be done. The response of the system to systematic variations in the 5 external parameters needs to be assessed. Most importantly, the diffusivity in the present case is 6 rather large κ ≈ 10 −4 m 2 s −1 and the effects of lower diffusivities need to be determined. This is 7 a subject of ongoing research. respectively. The northern edge of the channel is shown by a vertical white line.
21
The panel labels correspond to the meridional section labels in figure 3. . . . . . . 37
22
Vertically integrated rate of energy input into the eddy field due to (a) baroclinic 
